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ABSTRACT 

Walker , J.C.G., 1990. Precambrian evolution of the climate system. Palaeogeogr., Palaeoclimatol., Paiaeoecol. (Global. 
Planet. Change Sect.), 82: 261-289. 

Climate is an important  environmental parameter of the early Earth,  hkely to have affected the origin and evolution 
of life, the composition and mineralogy of sedimentary rocks, and stable isotope ratios in sedimentary minerals. There is 
little observational evidence constraining Precambrian chmates. Most of our knowledge is a t  present theoretical. Factors 
tha t  must have affected the climate include reduced solar luminosity, enhanced rotation rate of the Earth,  an area of 
land tha t  probably increased with time, and biological evolution, particularly as i t  affected the composition of the 
atmosphere and the greenhouse effect. Cloud cover is a major uncertainty about  the early Earth.  Carbon dioxide and its 
greenhouse effect are the factors tha t  have been most extensively studied. 

This paper presents a new examination of the biogeochemical cycles of carbon as they may have changed between an 
Archean Ear th  deficient in land, sedimentary rocks, and biological activity, and a Proterozoic Ear th  much like the 
modern Earth,  but  lacking terrestrial life and carbonate-secreting plankton. Results of a numerical simulation of this 
transition show how increasing biological activity could have drawn down atmospheric carbon dioxide by extracting 
sedimentary organic carbon from the system. Increasing area of continents could further have drawn down carbon 
dioxide by encouraging the accumulation of carbonate sediments. An a t tempt  to develop a numerical simulation of the 
carbon cycles of the Precambrian raises questions about sources and sinks of marine carbon and alkalinity on a world 
without continents. More information is needed about sea-floor weathering processes. 

Introduction 

What properties of the environment made 
possible the origin of life on Earth? How did the 
properties of the environment influence the 
course of biological evolution early in Earth 
history? Our present world is a consequence of 
the way the world once was. It is therefore 
important to seek a clearer understanding of the 
environment of the early Earth. The properties 
of interest include physical ones such as temper- 
ature and illumination as well as chemical ones 
such as the composition of ocean and atmo- 
sphere. Study of Precambrian climate involves 
both physical properties and, because of the 
greenhouse effect, chemical properties. 

Knowledge of the climates of the Pre- 
cambrian Earth is at present very limited. Some 

information can be derived from sedimentary 
rocks, but  the interpretation of the evidence is 
not yet clear. The isotopic composition of the 
oxygen in sedimentary minerals, principally 
carbonates and cherts, has attracted interest. 
Measurements of the isotopic composition indi- 
cate that  temperatures were high in the Pre- 
cambrian (Knauth and Epstein, 1976; Knauth 
and Lowe, 1978; Karhu and Epstein, 1986) if it 
is assumed that  the oxygen isotopic composition 
of sea water was the same then as it is now 
(Kolodny and Epstein, 1976; Muehlenbachs and 
Clayton, 1976; Gregory and Taylor, 1981) and if 
it is further assumed that  the minerals being 
studied have not suffered alteration by diagene- 
sis at temperatures higher than those of the 
surface. These assumptions are hardly likely to 
be correct (Perry and Tan, 1972; Perry and 
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Ahmad, 1983; Walker and Lohmann, 1989). I 
suggest that  oxygen isotopic measurements do 
not yet provide significant constraints on surface 
temperatures in the Precambrian. 

An alternative source of information is pro- 
vided by the sedimentological evidence for con- 
tinental glaciation. This evidence has been re- 
viewed by Walker et al. (1983) and Hambrey 
and Harland (1981). There are no unambiguous 
glaciogenic deposits of Archean age (older than 
2.5 x 109 yr). There is widespread evidence of 
continental glaciation on essentially all of the 
continents in Huronian times, about 2.3 x 109 yr 
ago, and again in the Late Proterozoic between 
about 800 and 600 x 106 yr ago (Mustard and 
Donaldson, 1987; Stump et al., 1988; Harker 
and Giegengack, 1989). In the long intervening 
time period extending over more than 109 years, 
there is no clear evidence of continental glacia- 
tion. Taken at face value, this evidence would 
seem to suggest that  the Precambrian Earth was 
generally warm, but that  the climate system 
very infrequently allowed glacial conditions to 
develop. In this respect, the Precambrian climate 
apparently resembles the climate of Phanerozoic 
Earth history, which has been characterized by 
brief periods of widespread continental glacia- 
tion separated by long periods of time during 
which the climate was apparently warmer 
(Frakes, 1979). But even here, the evidence is 
ambiguous. It has recently been argued by 
Frakes and Francis (1988) that  ice was present 
in the polar regions throughout the Phanerozoic. 
There may have been no times in the last 600 x 
106 yr of Earth history when the planet was 
largely free of ice. The ice ages that  show up so 
anomalously in the rock record may be a result 
of preservational anomalies or may reflect very 
minor perturbations of the climate system. By 
extension, then, the 109 years of warm Protero- 
zoic climate between the Huronian glaciation 
and the Late Proterozoic glaciation may not 
have been all that  warm. 

Reliable information on the paleolatitudes of 
the Precambrian glaciations is sparse. I t  has 
been reported that  the Late Precambrian glacia- 
tions occurred during a time when all the conti- 
nents were at low latitudes (Walter, 1979), but 

because the glacial deposits are intermittent, the 
overall period of time, 200 x 106 yr, is long, and 
because continents move relatively rapidly, it is 
by no means clear that  the continents were at 
low latitudes when they were covered with ice. 

Constraints on paleoclimate are, of course, 
imposed by the existence of terrestrial life. We 
can be reasonably confident that  annual average 
temperatures were between the freezing and 
boiling points of water at the times, places, and 
pressures where life existed. It is hard to set 
tighter constraints than these in the Pre- 
cambrian when life was largely bacterial, be- 
cause bacteria can flourish even under severe 
environmental conditions (Brock, 1978, 1985). 
The oldest clear evidence of life dates from 3.5 x 
109 yr ago (Schopf and Walter, 1983; Walter, 
1983; Walsh and Lowe, 1985; Awramik, 1986; 
Byerly et al., 1986; Schopf and Packer, 1987). 
By that  time, Earth was neither too hot nor too 
cold for bacterial life. The subsequent Archean 
record of life is fragmentary (Walker, 1990). 
From time to time there were habitable places 
on Earth, but the fossil record does not prove 
without doubt that  all of Earth was continu- 
ously habitable during the entire Archean. In 
contrast, the Proterozoic record provides strong 
evidence for continuous habitation. Proterozoic 
climates were probably never too extreme for 
life. 

We can expect observational information on 
Precambrian climates to improve and the inter- 
pretation to become more secure. For the time 
being, the study of Precambrian climates must 
depend heavily on theoretical argument and 
analysis. This paper describes some of the fac- 
tors that  must be considered in theoretical 
treatments of Precambrian climate and offers a 
completely new treatment of the geochemical 
factors that  might have influenced the partial 
pressure of carbon dioxide, important because of 
its greenhouse effect. Previous reviews of 
paleoclimatology including the Precambrian 
have been presented by Frakes (1979) and by 
Crowley (1983). A review devoted specifically to 
the unusual features of the Precambrian climate 
system was published by Walker (1982). More 
recently, Kuhn et al. (1989) have provided a 
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quantitative treatment of these factors by means 
of an energy balance climate model. 

Factors affecting Precambrian climate 

Solar luminosity 

This factor has been discussed many times 
since its climatic significance was first explored 
by Ringwood (1961) and by Sagan and Mullen 
(1972). As a main sequence star like the sun 
consumes its nuclear fuel, converting hydrogen 
nuclei to helium nuclei, the increase in nuclear 
mass yields denser material at a given tempera- 
ture. The balance of pressure gradient and 
gravitational forces results in a higher pressure 
in the center of the star, compression of the gas 
yields a higher temperature, nuclear reactions 
are faster at higher temperatures because the 
Coulomb repulsion between positively charged 
nuclei is more easily overcome at high tempera- 
tures, so the rate of generation of nuclear energy 
within a main sequence star increases as it ages. 
Energy does not accumulate within the star, so 
its luminosity increases with time. The pre- 
dicted increase is too slow to be directly ob- 
served. It  is entirely a theoretical result and 
may therefore be wrong. It is not a result that  
depends on esoteric details of stellar models, 
however. If it is wrong, there must be a funda- 
mental flaw in our understanding of the physics 
of stars. 

The rate of increase of luminosity is much 
less certain than the fact that  increase has oc- 
curred, because it depends on just how much of 
sun's hydrogen has already been converted to 
helium. The best estimate is an increase in 
luminosity by about 30% of its present value 
over the age of the solar system (Gough and 
Weiss, 1976; Newman and Rood, 1977; Gough, 
1977). Clearly, such a reduction in solar luminos- 
ity would have caused the Earth to freeze over if 
other aspects of the climate system had re- 
mained unchanged. But there is no evidence for 
such a global ice catastrophe. While the possibil- 
ity of intermittent unrecorded glaciations must 
be admitted, there clearly were unfrozen epi- 
sodes during which water-borne sediments were 

deposited and microbial ecosystems flourished. 
An abundant record of well-preserved sedimen- 
tary rocks begins about 2.5 x 109 yr ago, in the 
Proterozoic. We can probably be confident that  
the Earth has not frozen over completely, even 
briefly, since that  time. Other aspects of the 
climate system must therefore have com- 
pensated for reduced solar luminosity. 

The properties of the climate system that  
have been seriously considered as offering a 
solution to the problem of the faint young sun 
are the atmospheric greenhouse and planetary 
albedo. Suggestions concerning these properties 
are discussed below. 

Rotation rate 

Gravitational torque between the moon and 
the tides it raises on Earth transfers angular 
momentum from Earth's rotation to the moon's 
orbit. As a result, the moon moves away from 
the Earth and the Earth's rate of rotation de- 
creases. This transfer of angular momentum re- 
sults in a decrease in the kinetic energy of the 
Ear th-Moon system, and the rate of orbital 
evolution depends on the rate of dissipation of 
energy by turbulent motions and friction in the 
tides. It is a straightforward matter to calculate 
the evolution for a specific assumption concern- 
ing the rate of energy dissipation. For example, 
it may be assumed that  the fraction of tidal 
energy dissipated per tidal cycle, Q, is constant. 
Extrapolation of present rates of evolution back 
into the past, using this assumption, results in 
the moon impossibly close to the Earth only 
1.8 x 109 yr ago. Such a prediction is incon- 
sistent with the geological record which reveals 
no global catastrophes during the Proterozoic. 
Specific energy dissipation rates must have been 
smaller in the past for reasons not well under- 
stood. A simple assumption that  yields orbital 
evolution consistent with the rock record is con- 
stant specific energy dissipation rate during the 
Phanerozoic at the modern value and a constant 
but smaller rate during the Precambrian. A Pre- 
cambrian rate one-third as large as the 
Phanerozoic rate results in the moon being close 
to the Earth at the time of formation of the 
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solar system. This assumption yields a useful 
first approximation to the orbital evolution of 
the Earth-Moon system (Fig. 1). 

According to this scenario, the day may have 
been as short as four hours when Earth first 
formed, but by 4 × l0 s yr ago daylength had 
already increased to about 13 hours. I t  increased 
gradually through the rest of the Precambrian 
to about 21 hours at the end of the Proterozoic, 
600 × l0 s yr ago, and then more rapidly to the 
present value. This history of Earth's rate of 
rotation is most reasonable. The only observa- 
tion that  is sufficiently ancient to test the Pre- 
cambrian history is a very speculative interpre- 
tation by Walker and Zahnle (1986) of rhythmi- 
cally banded sediments with an age of 2.5 x 109 
yr (Trendall, 1973). The interpretation assumes 
that  the millimeter thick bands are annual de- 
posits, a response of the depositional system to 
seasonal change. A regular oscillation of the 
thickness of the bands with an apparent period 
of 23.3 yr is then interpreted as a response of the 
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Fig. 1. Evolution of the semimajor axis of the lunar orbit and 
the corresponding length of the day. The dashed line in the 
upper panel shows the closo approach of the moon less than 
2000 million years ago tha t  results from the aasumption of 
constant specific energy dissipation rate. The solid line shows 
a plausible evolutionary history in which the specific energy 
diesipation rate is smaller in the Precambrian than in the 
Phanerozoic. The length of day is calculated under the 
assumption of constant angular momentum in the E a r t h -  
Moon system. 
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Fig. 2. Evolution of periodicities associated with lunar orbit. 
The period of the lunar nodal tide is measured in years; the 
periods of obliquity oscillation and perihelion precession are 
measured in thousands of years. There are four rather  simi- 
lar periods of perihelion precession shown in the figure. The 
periods of the eccentricity oscillation (not shown) remain 
constant at  about 105 and 400×103 yr. 

climate-sediment system to the lunar nodal tide 
(Fig. 2). If this interpretation is correct, the 
observation confirms the history of evolution of 
the Earth-Moon system described above. 

An alternative history has, however, been de- 
scribed by Zahnle and Walker (1987). These 
authors note that  the thermal tide in the atmo- 
sphere generated by solar heating could achieve 
a very large amplitude at resonance, when the 
daylength corresponds to a period of free oscilla- 
tion of the atmosphere. One such free oscillation 
period is about 21 h, so a resonance would be 
expected when the length of the day was 21 h. 
Gravitational interaction between the large 
atmospheric tide and the sun could then feed 
angular momentum from Earth's orbit into 
Earth's rotation that  could, in principle, sustain 
the length of the day for as long as the reso- 
nance survived. In principle, according to these 
ideas, the length of the day could have evolved 
rapidly during the Archean until the resonance 
period of about 21 h was achieved. The solar 
tidal interaction could then have kept the length 
of the day constant throughout the Proterozoic 
until a chemically induced change in the ther- 
mal structure of the atmosphere moved the nat- 
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ural tidal period of the atmosphere to shorter 
values, away from the resonance, freeing the 
system to evolve in the more familiar manner 
under the influence of lunar tidal torques. While 
daylength would have been constant, according 
to this hypothesis, the moon would have been 
receding steadily from the Earth, the Ea r th -  
Moon system gaining angular momentum from 
Earth 's  orbit. Apart from its implications con- 
cerning the history of daylength, this hypothesis 
would imply that  there was a time of exception- 
ally large amplitude of the diurnal thermal tides. 
Zahnle and Walker (1987) speculate that  the 
tidal amplitudes may have been large enough to 
have influenced the weather, especially in the 
tropics. There is, at  present, no evidence of reso- 
nant  atmospheric tides in Earth history; neither 
is there any evidence against them. 

Daylength is directly relevant to the climate 
system because of its influence on the Coriolis 
parameter. Hunt  (1979a, b) has used a general 
circulation model to examine the consequences 
of an increase in rotation rate by a factor of 5. 
Note that  this increase is too large to apply to 
most of the Precambrian period, in particular 
tha t  period of the Precambrian from which sedi- 
mentary rocks survive. As discussed above, there 
is no reason to expect a rotation rate increased 
by more than a factor of 2 since the onset of the 
sedimentary rock record 3.8 × 109 yr ago. Never- 
theless, Hunt's pioneering work should provide 
an indication of how the climate system might 
respond to enhanced rotation rates. He reports 
that  the characteristic scale of motion in his 
general circulation model is reduced at high ro- 
tation rates, and wind stress is reduced with 
possible implications for ocean currents and 
vertical mixing in the ocean. The velocity of the 
jet  stream decreases and its latitude decreases 
also. Meridional transport also decreases and 
the difference between average temperatures at 
the equator and the poles increases. AS a conse- 
quence of the temperature decrease at high lati- 
tudes, precipitation decreases at high latitudes 
also and the subtropical add zones move closer 
to the equator. 

Kuhn et al. (1989) have also investigated the 
effect of higher rotation rate on the meridional 

temperature distribution using an energy bal- 
ance climate model with the nonlinear transport 
parameter developed by Stone (1972). This work 
reports significant increases in the equator-to- 
pole temperature differences in the Precambrian 
even though the increase in rotation rate does 
not exceed a factor of 1.8. The influence of 
increased rotation rate on the climate system 
plainly merits further investigation. A group at 
the University of Michigan is now embarking on 
such a study using the Community Climate 
Model of the National Center for Atmospheric 
Research. 

In a comment on Hunt 's  work, Williams (1980) 
suggested that  change in the obliquity of Earth 's  
equator relative to the orbital plane might be of 
more climatic significance than change in the 
rotation rate. As noted by Hunt  (1980), in his 
response, there is no known mechanism of ob- 
liquity change other than gravitational interac- 
tions with the moon, which depend on the lunar 
distance and therefore are closely coupled to the 
evolution of the Ear th -Moon system. The ques- 
tion was reexamined by Zahnle and Walker 
(1987) who found that  obliquity could have been 
as small as 20 o some 4 × 109 yr ago when the 
lunar distance was at least 45 Earth radii and 
the daylength at least 12 h. Since that  time 
obliquity has been increasing steadily to its pre- 
sent value of 23 ° . There are at present no 
grounds for exploring the influence of large ob- 
liquities on terrestrial climates except in applica- 
tions to the first few hundred million years of 
Earth history, long before the beginning of the 
rock record. 

There are reports of cyclically banded sedi- 
ments of Precambrian age that  might record 
Milankovitch periodicities associated with oscil- 
lations in Earth's orbital elements in the 10-100 
x 103 yr period range (Trendall, 1983; Grot- 
zinger, 1986; Veevers and Powell, 1987). As noted 
by Hallam (1986) and by Algeo and Wilkinson 
(1988) there is some tendency for every cycli- 
cally banded sediment that  is readily apparent 
in the field to look as though it has a Milanko- 
vitch periodicity, so reported observations must 
be treated with caution (Mix, 1987). However, 
an accurate determination of a Milankovitch 
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period in the Precambrian would provide a defi- 
nite measure of the Earth-Moon distance and 
therefore of the daylength (if conservation of 
angular momentum is assumed for the Ear th-  
Moon system). The evolution of Milankovitch 
cycles as a consequence of evolution of the 
Earth-Moon system has been examined by 
Walker and Zahnle (1986) and more recently by 
Berger et al. (1989). The period of 105 × 103 yr 
is associated with oscillations in the eccentric- 
ity; this period is not expected to change over 
the life of the solar system. By contrast, both 
the 41 × 103 yr obliquity and the 23 × 103 yr 
precession cycle depend in part on the preces- 
sion of Earth's axis of rotation with respect to 
the fixed stars. This precession results from lunar 
and solar torques on Earth's equatorial bulge. 
The lunar torque changes as the moon moves 
away from the Earth and the equatorial bulge 
changes as the Earth's rate of rotation de- 
creases. With allowance for these effects, Walker 
and Zahnle calculate that  the obliquity period 
might have been 17 × 103 yr and the precession 
period might have been 13 × 103 yr at the end of 
the Archean, when daylength might have been 
15 h (Fig. 2). 

L a n d  a r e a  

There is a considerable body of evidence, geo- 
chemical, geophysical, sedimentological, and iso- 
topic for growth and differentiation of the conti- 
nents sometime after the origin of Earth, ocean, 
atmosphere, and life. The subject has been ex- 
tensively reviewed (Veizer, 1983; Taylor and 
McLennan, 1985; Harley, 1987; Nisbet, 1987; 
Bickford, 1988; Goldstein, 1988; Veizer, 1988, 
1989); there is disagreement about the signifi- 
cance of the data (Gurnis and Davies, 1986; 
Jacobsen, 1988; Bowring et al., 1989; Hoffman, 
1989); my own view is that  the continents were 
relatively small both in volume and in area prior 
to 3 × 109 yr ago, that  growth was relatively 
rapid between 3 and 2 × 109 yr ago, and that  
growth since then has continued, but at a slower 
rate (Veizer and Jansen, 1979; Condie, 1986, 
1989; Pollack, 1986; Nisbet, 1987). While even 
this qualitative history may be in error, the 

working of the climate system on a planet with 
an ocean but with little or no dry land is cer- 
tainly of interest, unless the continents devel- 
oped at essentially the same time as Earth, 
ocean, and atmosphere. 

Land area affects the climate system directly 
because the albedo of land is different from that  
of ocean (Thompson and Barron, 1981). The 
influence of the albedo change caused by con- 
tinental growth has been investigated by Kuhn 
et al. (1989) using an energy balance climate 
model. They find that  the albedo change is not 
nearly as important to the climate system as 
changes in rotation rate, solar luminosity, or 
atmospheric greenhouse. They key element in 
albedo, of course, is cloud cover. With approxi- 
mately half of Earth's surface covered by bright, 
white clouds, the relatively small differences in 
albedo between land and ocean on the other 50% 
of the surface have little effect on the total 
planetary albedo. Of potentially greater impor- 
tance is the influence of land area on cloud 
cover. This effect was incorporated in the study 
of Kuhn et al. (1989), who used present day 
values for cloud cover, distinguishing between 
land and ocean. Henderson-Sellers (1978) has 
also used modern observations to distinguish 
between cloud cover over land and cloud cover 
over the oceans. More work along these lines is 
needed, but empirical results for the present 
system may not apply to the very different 
climatological situations of the Precambrian. 
With that  precaution in mind, I note that  Kuhn 
et al. (1989) found little influence of land area on 
climate, even with allowance for different cloud 
cover on land and at sea. 

Apart from changes in albedo, growth of the 
continents could have effects on the climate 
system that  are not susceptible to study by the 
energy balance climate model of Kuhn et al. 
(1989). These include the seasonality associated 
with large land masses, monsoon circulations, 
and standing waves. The growth of continents 
should also affect the circulation of the ocean 
and the energy transport associated with this 
circulation. The implications of these possible 
influences on Precambrian climate are not at 
present known. Here is another set of problems 
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that  could usefully be studied with a general 
circulation model. The interactive coupling of 
atmospheric and oceanic general circulations is 
apparently very difficult, but it might be easier 
on a globe completely covered by a uniform 
ocean. 

Still another area in which continental growth 
may have affected the climate system is atmo- 
spheric composition. In particular, the geochem- 
ical cycles of carbon on the modern Earth are 
heavily influenced by continental interactions. 
Markedly different geochemical cycles, carbon 
dioxide partial pressure, and greenhouse effect 
would be expected on a world without conti- 
nents (Walker, 1983, 1985). These changes are 
explored in more detail below. 

In addition, the growth of continental area 
may have influenced the abundance and the 
geochemical power of life. Knoll (1979) has sug- 
gested that  early photosynthetic organisms were 
largely restricted to life on the bottoms of shal- 
low water bodies. The fossil remains of early life 
are mostly stromatolites, which plainly formed 
at  the interface between sediment and water. 
Microfossils of Archean organisms are also quite 
likely of benthic rather than planktonic 
organisms. The growth of continental platforms 
with associated shallow seas on the continental 
shelves would have provided increased area for 
colonization by early life; these continental 
platforms would have had the added advantage 
of tectonic stability and long lifetimes in geo- 
logical terms compared with the unstable 
volcanic islands which were the original forms of 
dry land. For these reasons, Knoll (1979) sug- 
gested that  the growth of continents might have 
been accompanied by a great expansion in the 
global biota and a much increased geochemical 
role for life. 

Biological developments 

The most important geochemical role for life 
was then as it is now as a source of oxygen 
(Walker, 1984a). The transition from the early 
anaerobic environment to an oxidizing ocean 
and atmosphere occurred early in the Protero- 
zoic, from approximately 2.3 to 1.7 × 109 years 

ago (Cloud, 1968, 1973). Evidence concerning 
this transition has been reviewed by Walker et 
al. (1983; Twist and Cheney, 1986). The transi- 
tion took place when the rate of release of oxygen 
by photosynthetic organisms became larger than 
the rate of release of reactive reduced species 
like dissolved iron and volcanic hydrogen. The 
transition may have been caused by a decline in 
the rate of release of reduced species (Walker, 
1978) or by an increase in the rate of photo- 
synthesis, or both. Knoll (1979) suggested that  it 
occurred at about the same time as the growth 
in the continental area as a consequence of the 
stimulus to the biota provided by greatly ex- 
panded stable, shallow-water habitats. 

From time to time speculations appear in the 
literature that  the early Earth was not deficient 
in oxygen (Dimroth and Kimberley, 1976; Di- 
mroth and Lichtbau, 1978; Towe, 1978, 1981, 
1983). In my own view, there is no process that  
could have rendered the Earth oxygen-rich be- 
fore the origin of life and photosynthesis, so 
there is no question that  the prebiological Earth 
was anaerobic. Moreover, the origin of life must 
have occurred in an anaerobic environment and 
may have occurred in the hydrosphere or atmo- 
sphere. In addition, I find the geological evi- 
dence concerning the transition, including 
banded iron-formations, uraninite ores, paleo- 
sols, and redbeds persuasive, when considered 
together. The oxygenic transition did indeed oc- 
cur, as a consequence of biological activity, al- 
though there may be some uncertainty about 
when it occurred and precisely what caused the 
biological sources of oxygen to prevail over the 
abiological sources of reduced matter. 

Climate consequences of the development of 
life and of an oxygenic environment might in- 
clude the reduction of atmospheric concentra- 
tions of reduced greenhouse gases like methane 
and ammonia as well as the increase in atmo- 
spheric oxygen. Oxygen itself is not a greenhouse 
gas, but the possible influence of enhanced pres- 
sure broadening on the atmospheric greenhouse 
has been examined by Francois and G6rard 
(1988). In addition, the rise of oxygen should 
have led to the rise of its photochemical prod- 
uct, ozone, which is a greenhouse gas. Ozone 
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densities in possible primitive atmospheres have 
been studied theoretically by a number of 
authors (Ratner and Walker, 1972; Levine et al., 
1979; Kasting and Donahue, 1980; Levine, 1985; 
Franqois and G6rard, 1988). It  is necessary, in 
theoretical studies of the photochemistry of the 
Precambrian atmosphere, to consider the in- 
fluence of enhanced ultraviolet fluxes from the 
young sun (Zahnle and Walker, 1982; Canuto et 
al., 1982). Direct climatic consequences of the 
enhanced ultraviolet fluxes are likely to have 
been small, although stratospheric temperatures 
may have been affected by these enhanced fluxes 
as well as by the rise of atmospheric ozone. 

Minor greenhouse gases 

The original suggestion of Sagan and Mullen 
(1972) concerning the greenhouse solution to the 
problem of the faint young sun concerned re- 
duced greenhouse gases like methane and am- 
monia. Subsequent studies using detailed models 
of atmospheric photochemistry suggest that  the 
concentrations of these reduced gases would have 
been too low to influence the atmospheric 
greenhouse significantly (Kuhn and Atreya, 
1979; Kasting, 1982; Kasting et al., 1983; Levine, 
1985; Zahnle, 1986). Both of these gases are 
rapidly destroyed in atmospheres containing 
water, carbon dioxide, and sunlight. The pres- 
ence of free oxygen is not necessary. In addition, 
ammonia dissolves readily in the ocean. 

Cloud cover 

Of all the factors that  might have an im- 
portant effect on the Precambrian climate the 
most uncertain is probably cloud cover. Clouds 
have an important effect on the radiation bal- 
ance of the atmosphere, influencing both the 
absorption of short-wave solar radiation and the 
emission of long-wave planetary radiation 
(Ramanathan et al., 1989). The effect depends 
on cloud thickness and height. Low altitude 
clouds tend to cool the planet because they 
reflect away sunlight while radiating to space at 
relatively warm temperatures. Conversely, high 
altitude clouds tend to warm the planet by 
shielding the warm surface and lower atmo- 

sphere and radiating to space at relatively low 
temperatures. The potential importance of 
changing cloud cover to the Precambrian climate 
has been convincingly demonstrated by Hender- 
son-Sellers and colleagues (Henderson-Sellers, 
1979; Henderson-Sellers and Cogley, 1982; Cog- 
ley and Henderson-Sellers, 1984; Henderson- 
Sellers and Henderson-Sellers, 1988). 

A pioneering study of cloud feedback and its 
possible influence on the Precambrian climate 
has been published by Rossow et al. (1982). The 
work used a one-dimensional radiative convec- 
tive calculation of the temperature profile in the 
atmosphere with explicit treatment of clouds. 
The model predicted that  cloud feedbacks could 
do much to ameliorate the problem of reduced 
solar luminosity early in Earth history. More 
study of the factors that  control clouds and 
their climatic influence is needed. 

Interestingly, while the influence of clouds is 
potentially so large, and is so poorly quantified, 
the much discussed role of surface ice now seems 
of little importance. The so called ice-albedo 
catastrophe was a prominent feature of early 
energy balance climate models (Budyko, 1969; 
Sellers, 1969; North, 1975; North et al., 1981). In 
these models it was assumed that  ice of high 
albedo formed where annual average tempera- 
ture fell below a critical value. A relatively mod- 
est reduction in solar luminosity caused the 
planet to cool, the ice edge to advance to lower 
latitudes, and the planetary albedo to increase, 
with a positive feedback that made the theoreti- 
cal climate system very sensitive to reductions 
in solar luminosity. The problem is much less 
severe in energy balance climate models that  
incorporate a more careful treatment of albedo. 
Such a model has been presented and studied by 
Kuhn et al. (1989). These authors find that  
global average temperature is relatively insensi- 
tive to the presence of ice at high latitudes 
because the albedo is already large at high lati- 
tudes even without ice (Henderson-Sellers and 
Meadows, 1979). The albedo is large at high 
latitudes because of extensive cloud cover, and 
because the albedo of Earth and atmosphere 
increases strongly with increasing solar zenith 
angle. After a proper allowance for the effects of 
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cloud cover and atmospheric scattering, it turns 
out that  ice on the ground does not have much 
effect on albedo. The albedo formulation of 
Kuhn et al. (1989) is based on spacecraft ob- 
servations of average albedo as a function of 
latitude and temperature. The model does ex- 
hibit ice-albedo feedback, but it is much less 
sensitive to the effect than the models of North 
(1975) and Budyko (1969). Recent exploratory 
work with a seasonal energy balance climate 
model shows that  global average temperature is 
insensitive to high latitude ice even with al- 
lowance for the effect of long polar days and 
nights. 

The same insensitivity of the climate system 
to high latitude ice has been reported by Hunt 
(1984) from a study using a general circulation 
model. It therefore seems unlikely that  Pre- 
cambrian climates would have depended criti- 
cally on the presence or absence of high latitude 
ice or on the presence or absence of high latitude 
land on which permanent ice caps could form. 

Carbon dioxide 

For many people, the preferred solution to 
the problem of the cool young sun is a greatly 
enhanced carbon dioxide greenhouse effect. This 
solution to the problem was first suggested by 
Owen et al. (1979) who calculated that  enhance- 
ment of the carbon dioxide concentration in the 
atmosphere by a factor of about 1000 would be 
sufficient to keep the Earth from freezing over 
even with solar luminosity reduced by 25%. With 
some difference in emphasis and detail, similar 
conclusions have since been reached by Walker 
et al. (1981), Kuhn and Kasting (1983), Kasting 
and Pollack (1984), Kasting and Ackerman 
(1986), Kasting (1988), and Kuhn et al. (1989). 
These calculations have used either one-dimen- 
sional radiative-convective models of atmo- 
spheric temperatures or energy balance climate 
models with radiation parameters derived from 
one-dimensional radiative-convective calcula- 
tions. I do not know of any published study of 
the consequences of large carbon dioxide en- 
hancements that  has used a general circulation 
model. 

As a word of caution, it should be noted that  
conclusions about the greenhouse effect of en- 
hanced carbon dioxide concentrations generally 
depend on an assumption about water vapor. 
The greenhouse effect of water vapor is much 
larger than the greenhouse effect of carbon di- 
oxide, but the water vapor content of the atmo- 
sphere clearly depends on temperature, so it is 
not an independent variable. A conservative as- 
sumption is probably one of constant relative 
humidity. With this assumption, the effect of 
the water vapor greenhouse is to approximately 
double the temperature change caused by some 
other perturbation, for example a perturbation 
in the amount of carbon dioxide in the atmo- 
sphere. If absolute humidity rather than relative 
humidity were held constant, therefore, the tem- 
perature increase caused by an increase in carbon 
dioxide concentration would be approximately 
halved. Predictions about the thermal conse- 
quences of large carbon dioxide concentrations 
in the Precambrian atmosphere are therefore 
subject to uncertainty related to the water vapor 
content of the atmosphere. Compared with other 
uncertainties this is probably not a major con- 
cern; relative humidity cannot exceed unity by 
any significant amount; if it were much less 
than unity precipitation would stop and water 
would accumulate in the atmosphere. It seems 
unlikely that  average relative humidity can have 
been very different from its present day value of 
about one-half. 

Another uncertainty less commonly recog- 
nized concerns the temperature profile in the 
atmosphere. We may think of the greenhouse 
effect as arising because the planet radiates to 
space from the top of the atmosphere in regions 
of the spectrum where the atmosphere is opaque 
(Henderson-Sellers, 1978). Because the top of 
the atmosphere is colder than the surface the 
system adjusts to a higher temperature to bal- 
ance incoming and outgoing radiation. There- 
fore, the greenhouse effect caused by a given 
increment in atmospheric opacity depends on 
the temperature at the top of the atmosphere. 
This temperature is calculated in radiative-con- 
vective models, which yield results reasonably 
close to those of the present day atmosphere. 
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Because of simplifications in the way these mod- 
els treat atmospheric motions, water vapor dis- 
tribution, clouds, and other complications of the 
real world it is not obvious that  they will cor- 
rectly describe high altitude temperatures under 
the very different conditions of the Precambrian 
Earth. 

What grounds are there for believing that the 
carbon dioxide partial pressure was very large in 
the Precambrian? Some evidence can be de- 
duced from the state of weathering of ancient 
soil profiles (Holland, 1984; Grandstaff et al., 
1986; Retallack, 1986). Studies published so far 
probably do not support the very high partial 
pressures favored on climatic grounds, but the 
interpretation of the paleosol evidence is cer- 
tainly not straightforward. The paleosol evi- 
dence is promising but not yet persuasive. A 
potential source of information is provided by 
carbon isotope data. The fractionation between 
oxidized carbon and reduced carbon in sedi- 
ments increases with increasing carbon dioxide 
pressure (Dean et al., 1986; Popp et al., 1989; 
Rau et al., 1989). This paleobarometer has not 
yet been calibrated, and there will be many 
uncertainties in applying it to very ancient sedi- 
ments containing carbon deposited by poorly 
characterized microbes, but the potential for 
data on ancient carbon dioxide amounts is there 
(Schidlowski et al., 1983). For the time being, 
the case for high carbon dioxide amounts in the 
early atmosphere rests largely on theoretical 
arguments. 

An initial look at the problem was taken by 
Walker (1983). This investigation was under- 
taken largely to counteract ideas then current 
that  large carbon dioxide partial pressures on 
the early Earth would have caused the ocean 
either to fizz like soda pop or to be excessively 
corrosive, or both. Walker pointed out that the 
pH of sea water depends not only on the carbon 
dioxide partial pressure but  also on the alkalin- 
ity. The paper showed that high carbon dioxide 
partial pressures were not inconsistent with an 
ocean saturated with respect to calcium 
carbonate and could not be ruled out by present 
knowledge of the sedimentary rock record. 

The first prediction of the early history of 

atmospheric carbon dioxide based on serious 
consideration of the controlling processes was by 
Walker et al. (1981). These authors argued that 
the critical feedback occurred via the process of 
weathering of silicate minerals, which releases 
calcium and other ions that  can combine to form 
carbonate sediments with the carbon dioxide 
released by volcanic and metamorphic processes. 
It  was argued that the rate of this weathering 
process depends on temperature, both directly 
and through the influence of temperature on the 
hydrologic cycle. If, for example, solar luminos- 
ity increases, planetary average temperature in- 
creases, the rate of weathering increases, carbon 
dioxide is reduced, the carbon dioxide greenhouse 
effect is reduced, and the planet cools as a re- 
sult. The geochemical cycle of carbon dioxide 
therefore provides a negative feedback in the 
climate system that  buffers surface temperature 
against changes in solar luminosity. Walker et 
al. (1981) argued that this negative feedback 
mechanism would have kept Earth warm by 
yielding greatly enhanced carbon dioxide 
amounts early in planetary history, when solar 
luminosity was small. 

The deduction of large carbon dioxide pres- 
sures was strengthened by Lovelock and Whit- 
field (1982), who called attention to the possible 
enhancement of weathering rates caused by land 
plants. The carbon dioxide pressure in soil gas 
today is enhanced by one or two orders of mag- 
nitude relative to the atmosphere (Holland, 1978) 
as a result of root respiration and decay. From 
this observation it is argued that plants signifi- 
cantly increase the rate of silicate weathering 
and therefore the rate of consumption of atmo- 
spheric carbon dioxide (Knoll and James, 1987; 
Volk, 1987, 1989). In my view, the situation is 
not entirely clear. It is not clear that  the promo- 
tion of chemical attack by plants can com- 
pensate for the inhibition of physical denuda- 
tion. Most fresh, unweathered rock today is de- 
eply buried beneath a blanket of soil maintained 
by plants. Would this fresh rock be dissolving 
more or less rapidly if the plants were not there? 
The work of Meybeck (1979, 1987) shows clearly 
that  weathering rates increase with temperature 
and runoff, but whether this increase is en- 
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hanced or diminished by the flourishing vegeta- 
tion of the tropics is not apparent from the data. 
Meybeck's work shows also tha t  silicate 
weathering rates are larger in mountainous areas 
than in low lying areas, which may be evidence 
of the important stabilizing role of a soil blanket 
(Pinet and Souriau, 1988). 

Weathering rates on the Precambrian Earth 
may well have been significantly affected by the 
absence of vascular plants and the probable 
sparsity of presumed nonvascular terrestrial 
vegetation, but it is far from clear whether they 
would have been increased or decreased. Our 
attempts to imagine the Proterozoic land surface 
are further confused by the fact that  large areas 
in the Northern Hemisphere were recently 
scraped free of soil by the Pleistocene glacia- 
tions. Our familiar world may therefore be defi- 
cient compared with the long-term geological 
average in deeply weathered and chemically un- 
reactive regolith. 

Notwithstanding these unresolved questions, 
the obvious defect of the mechanism proposed 
by Walker et al. (1981) is that  it does not apply 
to a world without continents. The geochemical 
cycle explored by Walker et al. balances volcanic 
and metamorphic release of carbon dioxide 
against consumption of carbon dioxide by ter- 
restrial weathering of silicate minerals. This is 
the mechanism believed to operate on the mod- 
em world. It  is a mechanism that  may well have 
worked also in the Proterozoic after extensive 
areas of land were exposed to weathering. But it 
would not have worked on a world without 
significant areas of exposed land surface, such as 
may well have existed prior to perhaps 3 × 109 
yr ago. 

An at tempt to estimate carbon dioxide par- 
tial pressures on a world without continents was 
made by Walker (1985), who concluded that  
carbon dioxide pressures as large as 10 bars 
might have been present in the early atmo- 
sphere. Walker's argument was based on consid- 
eration of total masses of carbon rather than the 
previous arguments based on fluxes. Today, most 
of the carbon at the surface of the Earth is 
stored as sedimentary carbonate rocks on stable 
continental platforms. Walker assumed that  all 

of this carbon was released from the interior of 
the Earth essentially at the time of Earth accre- 
tion. If there were no stable continental plat- 
forms when the Ear th  was young, the carbon 
could not have been stored in long-lived rock 
reservoirs. Instead, it must have been in ocean 
and atmosphere or in the form of ephemeral 
carbonate deposits on short-lived sea floor. I 
now believe that  this argument does not apply. 
The problem lies in the assumption that  the 
total amount of carbon at the surface of the 
Earth has remained constant since early Earth 
history. This position can no longer be sustained 
in the face of overwhelming evidence for large 
fluxes of carbon from the mantle to the ocean 
associated with mid-ocean ridge hydrothermal 
systems (Des Marais, 1985). Present day mantle 
fluxes of carbon dioxide are large enough to 
supply all of the carbonate rocks present on the 
surface of the Earth in a time of 5 × 109 yr or 
so. This observation does not imply that  carbon 
is presently accumulating at the surface of the 
Earth because there may be equally large return 
fluxes from surface to mantle associated with 
the subduction of carbonate sediments and 
weathered sea floor (Sibley and Vogel, 1976; 
Javoy et al., 1982; Walker, 1983). 

The free exchange of carbon between the 
mantle and the exogenic system is convincingly 
demonstrated by a comparison of data for carbon 
dioxide and for 36Ar (Marty and Jambon, 1987). 
The flux of carbon dioxide from mantle to atmo- 
sphere today is 2 × 1012 mole /y r  (Fig. 3). The 
flux of 36Ar is 250 mole/yr ,  so the ratio of the 
fluxes is 8 × 109 via mid-ocean ridge hydrother- 
mal systems (Des Marais, 1985). On the other 
hand, the ratio of the amounts in atmosphere, 
ocean, and continental crust is 1.8 × 106. The 
ratio of fluxes is very much larger than the ratio 
of amounts now present in the surface layers of 
the Earth. Carbon is missing from the surface 
layers relative to argon. 

This conclusion can be seen also in the accu- 
mulation times calculated by dividing the flux 
into the amount. Carbon would accumulate at 
present rates in 5 × 10 9 yr, but it would take 
2.2 × 1013 yr for the 36Ar now in the atmosphere 
to accumulate at the present flux. The conclu- 
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Accumulation times: 5E9 2.2E13 y 
AMOUNT/FLUX 

Amounts: 1E22 5.6E15 mole 
Ratio C/Ar = 1.8E6 

C USTAND t ATMOSPHERE C Ar 3 6 

2E12 250 mole/y 
Flux ratio C/Ar -- 8E9 

Fig. 3. Fluxes of carbon and 36At from mantle to atmosphere 
compared with the amounts of these elements in the ex- 
ogenic system. 

MANTLE 

Fluxes: 

sion is that  while 36Ar was massively degassed 
early in Earth history, carbon did not par- 
ticipate in this early degassing. If carbon were 
rapidly released from the mantle early in Earth 
history it was just as rapidly returned to the 
mantle. 

Carrying this analysis further, it can be con- 
cluded that  carbon is a lithophile and not an 
atmophile element (Berg, 1986). From the flux 
ratio of carbon to 36Ar and the concentration of 
36Ar in the upper mantle (Allegre et al., 1987) I 
can calculate the concentration of carbon in the 
upper mantle. The value is 1 × 10 -4 mole/g. 
This calculation assumes that  carbon is not more 
mobile than argon, surely a reasonable assump- 
tion. From the concentration and the mass of 
the upper mantle (Allegre et al., 1987) I calcu- 
late that  there are 1.4 × 10 z3 moles of carbon in 
the upper mantle. The amount in the crust and 
atmosphere and ocean is only 1 × 10 z2 moles 
(Wilkinson and Walker, 1989). Therefore, less 
than 10% of upper mantle carbon has been de- 
gassed (Tingle and Green, 1987). By way of 
contrast, more than 99% of upper mantle 36Ar 
has been degassed. It  seems that  the fate of 
most carbon dioxide released from the mantle 
was to be incorporated into oceanic crust in 
weathering reactions and to be carried back into 
the mantle on subduction. Only a small fraction 
of the carbon has been captured in the exogenic 
system as cratonic carbonate rocks. 

Because of these deficiencies in previous theo- 
retical studies of carbon dioxide in the Archean 

atmosphere I shall present, in the remaining 
sections of this paper, a new examination of the 
evolution of the geochemical cycles of carbon. 

E v o l u t i o n  o f  t h e  g e o c h e m i c a l  c y c l e s  of  
c a r b o n  

In this section I plan to explore the nature of 
the geochemical cycles of carbon on a world 
without continents and to conduct a preliminary 
study of the transition from such a hypothetical 
world to a world more like that  of the present 
day. There has not been much previous work on 
this subject and there is little reliable informa- 
tion. My study will depend heavily on guess- 
work and will be speculative. While some of my 
guesses and speculations will probably be wrong, 
I hope to provide a point of departure for future 
examination of these aspects of Earth history. I 
hope that  my study will bring into focus the 
issues that  require more theoretical or observa- 
tional attention and will raise questions for 
which answers can soon be found. 

I will present my findings in the form of a 
quantitative model of evolving geochemical 
cycles. The quantitative model cannot provide 
reliable, quantitative predictions of the history 
of atmospheric carbon dioxide. The uncertain- 
ties in processes, rates, and dates are at present 
too great for such quantitative confidence. The 
virtue of a computational model, even a highly 
speculative one, is that  it rigorously requires at 
least internal consistency. The computation will 
quickly call attention to formulations or as- 
sumptions that  are erroneous in its own 
mathematical world. A theory that  is internally 
consistent and complete is certainly a necessary 
step along the path to a theory that  describes 
what really happened on the Earth. 

My simulation of the geochemical cycles of 
carbon on the Precambrian Earth is derived 
from a simulation of the cycles of carbon today. 
The modern cycles have been described by 
Broecker (1971), Holland (1978), Walker (1977), 
Broecker and Peng (1982), Berner et al. (1983), 
and Walker and Drever (1988). Carbon dioxide is 
released from the solid phase to ocean and 
atmosphere by volcanic and metamorphic 
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processes (Fig. 4). It  is returned to the solid 
phase as calcium and magnesium carbonate 
minerals and also as reduced carbon of biological 
origin. The extraction of carbon from the fluid 
phase by precipitation of carbonate minerals 
requires a corresponding supply of calcium and 
magnesium ions. These ions are supplied by the 
weathering and dissolution of silicate minerals 
at a rate that  presumably depends at least in 
part on the carbon dioxide content of the atmo- 
sphere. The dissolution of carbonate minerals of 
limestones and dolomites cannot serve as this 
source of calcium and magnesium ions because 
dissolution of carbonates releases carbon at the 
same rate as it releases cations, and this carbon 
must be removed from the fluid phase by the 
precipitation of carbonate minerals. In the pre- 
sent system, therefore, the partial pressure of 
atmospheric carbon dioxide adjusts to provide a 
rate of silicate dissolution just big enough to 
match the rate of volcanic and metamorphic 
supply of carbon dioxide. At the same time, the 
saturation state of the ocean with respect to 
calcium carbonate adjusts so that  calcium 
carbonate minerals are precipitated as fast as 
the needed cations are provided by dissolution 
of carbonate minerals and by dissolution of sili- 
cate minerals. 

On the present Earth the precipitation of 
calcium carbonate minerals from the ocean is 
mediated by carbonate-secreting plankton and 

CARBON DIOXIDE . , ~ R e s p i r a t i o n  
Volcanoes I ~ "  "" 

Calcium ca rbona t e  v 
p rec ip i t a t e s  Burial of 

organic ca rbon  

Fig. 4. Atmospheric carbon dioxide is controlled by the 
balance between metamorphic and volcanic release of the 
gas from the solid phase and the weathering of silicate 
minerals which releases calcium ions to solution, causing 
calcium carbonate minerals to precipitate. Carbon dioxide is 
affected also by biological reduction and oxidation. 
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Fig. 5, Atmospheric carbon dioxide approaches equilibrium 
with dissolved carbon species in the surface ocean. The 
surface ocean exchanges dissolved carbon and net positive 
charge (equals minus alkalinity) with the deep ocean as a 
result of settling of biogenic particles and mixing of surface 
water with deep water. 

depends on the saturation state of the deep sea 
(Fig. 5). Plankton in the surface layers of the 
ocean, exposed to sunlight, send a rain of par- 
ticles of both organic material and calcium 
carbonate shells into the deep ocean. The organic 
matter is largely oxidized; the shells dissolve if 
they fall into unsaturated water or accumulate 
as deep sea carbonate sediments if they fall to 
the bottom in water saturated with respect to 
calcium carbonate. The saturation state of sea 
water depends on the concentration of carbonate 
ions, CO~-, and thus on the balance between 
the different dissolved carbon species. The 
species depend on total dissolved carbon and the 
requirement that  the solution be electrically 
neutral, that  there be as many negative charges 
per unit volume as positive charges. The total 
concentration of charge carried by the carbon 
species is called the alkalinity (strictly the 
carbonate alkalinity). Because the solution must 
be electrically neutral overall, the alkalinity 
equals the negative of the total concentration of 
charge carried by all ions other than bicarbonate 
and carbonate. Alkalinity is therefore de- 
termined by the species other than carbon dis- 
solved in the water. For a given concentration of 
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total dissolved carbon, the proportions as dou- 
bly-charged carbonate and singly-charged bi- 
carbonate ions adjust to yield the required al- 
kalinity (Broecker and Peng, 1982). 

The rain of particulate carbon into the deep 
sea increases the concentration of total carbon 
there, resulting in lower carbonate ion con- 
centration and waters that  are more corrosive to 
calcium carbonate. The rain of particles of shell 
material carries both carbon and positive charge 
(in the form of calcium ions) into the deep sea. 
The equivalent flux of alkalinity tends to in- 
crease the carbonate concentration in deep sea 
water and to make it less corrosive to calcium 
carbonate. The downward fluxes of carbon and 
alkalinity in particulate form are balanced by 
upward fluxes of dissolved carbon and alkalinity 
transferred by the mixing of deep sea water with 
enhanced concentrations of carbon and alkalin- 
ity with surface sea water having reduced con- 
centrations of alkalinity and total carbon. 

In equilibrium the partial pressure of atmo- 
spheric carbon dioxide depends on the alkalinity 
of surface sea water and the total dissolved 
carbon concentration in surface sea water. If 
carbon dioxide is added to the system of ocean 
and atmosphere, by volcanic processes for exam- 
ple, the ocean becomes more acidic, the rate of 
precipitation of carbonate sediments decreases 
and the rate of dissolution of terrestrial 
carbonate and silicate minerals increases. The 
result is an increase of the alkalinity of sea 
water that  neutralizes the added carbon dioxide, 
increases the proportion of the sea floor bathed 
in supersaturated water, and gradually restores 
the system to equilibrium by extracting the ad- 
ded carbon dioxide in the form of new sea floor 
sediments. 

The oxidation and reduction of carbon also 
play a role. Biological photosynthesis extracts 
carbon dioxide from ocean and atmosphere and 
releases oxygen. Most of this oxygen is con- 
sumed in processes of respiration and decay, 
which restore carbon dioxide to atmosphere and 
ocean. Some of the organic carbon produced by 
photosynthesis does not undergo immediate res- 
piration and decay. Instead it is preserved in 
sediments, principally on the continental shelves 

and slopes (Berner, 1982), to become a con- 
stituent of a long-lived geological reservoir of 
reduced organic carbon or kerogen. The oxygen 
left behind when this organic carbon is incorpo- 
rated into sediments reacts in due course with 
ancient sedimentary kerogen exposed to the 
atmosphere by processes of erosion and weather- 
ing. The oxygen content of the atmosphere is 
believed to be controlled by these processes of 
burial of newly synthesized organic carbon in 
sediments and oxidation of ancient sedimentary 
kerogen (Holland, 1973; Walker, 1974, 1977, 
1980; Berner and Canfield, 1989). The burial 
rate presumably decreases and the oxidation rate 
might in principle increase as the partial pres- 
sure of atmospheric oxygen increases. In the 
long term, presumably, kerogen is oxidized as 
fast as new carbon is buried, so the impact of 
the oxidation-reduction cycle on the carbon 
cycle is minimized. It  is possible to imagine 
periods of imbalance, however, in which for ex- 
ample excess organic carbon is buried, causing a 
temporary decrease in atmospheric carbon di- 
oxide and a permanent increase in atmospheric 
oxygen. Some evidence for such episodes in Earth 
history has been reported in the form of times of 
unusually heavy carbon isotopes preserved in 
carbonate minerals (Popp et al., 1986; Goodfel- 
low, 1986; Knoll et al., 1986; Magaritz et al., 
1986; Aharon et al., 1987; Lambert et al., 1987; 
Arthur et al., 1988; Baker and Fallick, 1989a, b). 

The interactions described here can be incor- 
porated into a computational model which can 
be tuned to reproduce the observed properties of 
the present ocean and atmosphere. Such a model 
can then be run forward in time to study, for 
example, the fate of fossil fuel carbon dioxide 
(Kasting and Walker, 1990), or it can be used to 
study environmental changes in recent geologi- 
cal history (Beruer et al., 1983; Lasaga et al., 
1985; Marshall et al., 1988; Walker, 1989, 1990a). 
The model must be adapted before it can be 
applied to more remote periods of geological 
history. For one thing, the global weathering 
rate must be related to the area of dry land 
exposed to weathering. This relationship is usu- 
ally assumed to be first order. A more subtle 
interaction between the carbon geochemical 
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cycles and climate has been investigated by 
Marshall et al. (1988). These authors note the 
clear evidence that  low latitude continents in 
warm wet climates weather much faster than 
high latitude continents in cold dry climates. 
Exploring the consequences of this dependence, 
they find that  carbon dioxide partial pressure 
would tend to be low and the climate cool when 
continental drift led to a concentration of land 
area in the tropics. Conversely, concentration of 
land area at high latitudes would tend to result 
in high carbon dioxide partial pressure and warm 
climate. 

The first major change as we move back in 
time is the removal of carbonate-secreting 
plankton. The first record of these organisms 
dates back about 175 million years. There is no 
evidence for the precipitation of deep sea 
carbonate sediments in the Paleozoic. Carbonate 
sedimentation appears to have been largely re- 
stricted to shallow water continental shelves in 
the Paleozoic and probably also in the Pre- 
cambrian, although today only about 10% of 
carbonate precipitation occurs in shallow waters 
(Wilkinson and Walker, 1989). Shallow water 
carbonate precipitation was a consequence of 
the biological activities of benthic, reef-forming 
organisms. It presumably was influenced by the 
saturation of shallow sea water with respect to 
calcium carbonate, in contrast to the present 
system where the rate of carbonate accumula- 
tion is controlled by the saturation state of deep 
sea water (B. Opdyke, pers. comm. 1989). In the 
early Paleozoic the system was presumably fur- 
ther modified by the absence of vascular plants 
on land and the consequent changes in weather- 
ing rates discussed above. 

In the calculations to be described below I 
shall take as one limit a Proterozoic world in 
which continental land area was not very differ- 
ent from the present day, but there were no land 
plants. There was a vigorous and productive 
benthic biota occupying shallow waters on the 
continental shelves but there were no plankton. 
The oxidation-reduction cycle was essentially 
modem, with burial of organic carbon on the 
continental shelves balanced by oxidation of an- 
cient sedimentary kerogen. The carbon cycle was 

essentially modem, with the release of carbon 
dioxide from the mantle at mid-ocean ridge hy- 
drothermal systems and by the metamorphic 
decarbonation of carbonate sediments balanced 
by the weathering of silicate minerals and the 
precipitation of carbonate sediments on the con- 
tinental shelves. The climatic calculations of 
Kasting (1987b) suggest that  a partial pressure 
of carbon dioxide 100 times that  of the present 
would have been needed to keep the Earth warm 
when the sun was less luminous. I shall adopt 
this carbon dioxide pressure as a tuning target 
for the simulation. The higher carbon dioxide 
pressure is attributed in part to increased 
volcanic and metamorphic release of carbon di- 
oxide when the heat flow from the interior of 
the Earth was larger (Pollack, 1980; Hargraves, 
1986) and in part to lower weathering rates, 
possibly a consequence of smaller land area, pos- 
sibly a consequence of a somewhat cooler globe, 
or possibly a consequence of the absence of vasc- 
ular plants. 

I want to compare this Proterozoic world 
with a hypothetical Archean world in which 
there was little dry land, little area of stable 
continental shelf and correspondingly little bio- 
logical production of oxygen, organic carbon, or 
biogenic carbonate minerals. The masses of sedi- 
mentary carbonates and sedimentary kerogen 
were small by reason of the small area of stable 
continental platforms and the low level of bio- 
logical activity. There was little free oxygen in 
ocean and atmosphere. The biological oxida- 
tion-reduction cycle involved the oxidation of 
dissolved ferrous iron to particulate ferric iron 
when carbon dioxide underwent photosynthetic 
reduction and the corresponding reduction of 
ferric iron to ferrous iron in biological energy- 
producing processes of anaerobic respiration 
(Froelich et al., 1979; Walker, 1984, 1987; Wilson 
et al., 1986; Daniels et al., 1987; Frankel, 1987; 
Lovley et al., 1987). According to Kasting's 
climatic calculations the carbon dioxide partial 
pressure at this time, perhaps 3 billion years 
ago, might have been as high as 1000 times the 
present value, the high value resulting from the 
absence of terrestrial weathering as a sink for 
volcanic and metamorphic carbon dioxide. 
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The goal of the numerical simulation is to 
reproduce these proposed worlds and to provide 
a smooth and plausible transition between them. 
In its essence, the transition is between a pre- 
sumed Archean world with little land, few sedi- 
ments, and sparse life and a presumed Protero- 
zoic world with much land, many sediments, and 
abundant life. I shall assume that  the changes in 
these global properties occurred at the same 
time, in accordance with Knoll's (1979) sugges- 
tion that  increasing biological activity was made 
possible by increasing area of stable, shallow- 
water, shelf environments. Other possible histo- 
ries can be imagined, and as noted before, it is 
not agreed by all concerned that  the Archean 
world was impoverished in land area, sedimen- 
tary mass, and biological productivity. 

Numerical  s imulat ion 

The goal is to simulate the transition from an 
essentially abiological world with chemistry 
dominated by sea floor interactions to a biologi- 
cally active world dominated by continental in- 
teractions on land and on the continental 
shelves. In what follows I shall discuss the inter- 
actions that  are important in the Proterozoic 
separately from the interactions important in 
the Archean, but the simulation includes all of 
these interactions together. Details of the calcu- 
lation appear in the appendix. 

The transition is driven by an increase in 
relative land area from a value of 10 -4 in, the 
Archean to a value of 1 in the Proterozoic. In 
this simulation I assume that  the transition 
occurs as a linear function of time over a span of 
500 × 10 ~ yr (Eriksson and Donaldson, 1986). I 
assume that  the area of shallow water on the 
continental shelves is proportional to the land 
area and that  biological productivity is also pro- 
portional to land area. As a precaution, to en- 
sure that biological production does not suck all 
of the carbon out of the ocean and atmosphere, 
the productivity function includes the factor 
PCO2S/(1  + PCO2S), where PCO2S is the par- 
tial pressure of carbon dioxide in equilibrium 
with surface sea water. This function is constant 

for PCO2S much greater than 1 and goes to zero 
as PCO2S goes to zero, corresponding to a carbon 
limit on productivity at  low carbon dioxide par- 
tial pressures. This precautionary factor has no 
influence on the present calculations because 
PCO2S is always much greater than 1. 

The calculation distinguishes between the 
shallow ocean with a volume of 0.12 × 10 as m 3 
and the deep ocean with a volume of 1.23 × 10 is 
m 3. These volumes are the modern values 
(Broecker and Peng, 1982). The water flux be- 
tween reservoirs is 0.001 × 10 is m3/yr. This flux 
exchanges dissolved constituents between the 
deep and shallow ocean reservoirs. The redox 
calculation lumps atmospheric gases with dis- 
solved gases in the surface ocean reservoir, effec- 
tively assuming equilibrium between atmo- 
sphere and surface ocean. For the carbon cycle 
calculation it is more convenient to separate 
dissolved carbon in the surface ocean from 
atmospheric carbon dioxide. The calculation fol- 
lows the time evolution of 15 chemical re- 
servoirs, tabulated in the Appendix. These are 
oxygen in the atmosphere and dissolved in the 
surface ocean, oxygen dissolved in the deep oc- 
ean, reactive organic carbon on the continental 
shelves, reactive oxidized iron, reduced iron dis- 
solved in the surface ocean, reduced iron dis- 
solved in the deep ocean, reduced gases in the 
atmosphere and dissolved in the surface ocean, 
reduced gases dissolved in the deep ocean, old 
sedimentary kerogen, total carbon dissolved in 
the surface ocean, total carbon dissolved in the 
deep ocean, alkalinity in the surface ocean, al- 
kalinity in the deep ocean, atmospheric carbon 
dioxide, and ancient sedimentary carbonates. 
Except where there is reason to assume a differ- 
ent rate law I have taken all reaction rates to be 
first order in the reacting species. 

Biological production, already discussed, adds 
oxygen to atmosphere and surface ocean and 
reactive organic carbon on the continental 
shelves. In the Proterozoic world the oxygen and 
organic carbon largely react with one another 
again, at a rate proportional to the products of 
organic carbon amount and oxygen concentra- 
tion. Biological production extracts carbon from 
the surface ocean reservoir and the respiration 
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reaction between oxygen and organic carbon re- 
stores dissolved carbon to that  reservoir. A small 
fraction of the reactive organic carbon escapes 
immediate oxidation to become incorporated in 
the sedimentary kerogen reservoir. The burial 
rate law is first order in the mass of reactive 
organic carbon. Sedimentary kerogen is con- 
sumed mainly by weathering oxidation at a rate 
proportional to the atmospheric oxygen amount 
and the size of the sedimentary kerogen re- 
servoir. This weathering reaction consumes 
atmospheric oxygen and adds carbon dioxide to 
the surface ocean. A fraction of the sedimentary 
kerogen is destroyed by volcanic and metamor- 
phic processes, which oxidize carbon while re- 
ducing ferric iron, adding carbon dioxide to the 
atmosphere but not directly affecting atmo- 
spheric oxygen. 

Carbonate precipitation takes place on the 
continental shelves at a rate proportional to the 
product of biological productivity and the con- 
centration of dissolved carbonate ions in surface 
sea water, a concentration that  represents the 
saturation state of the sea water with respect to 
calcium carbonate. The speciation of dissolved 
carbon between aqueous carbon dioxide, bi- 
carbonate ions, and carbon ions is calculated 
from alkalinity and total dissolved carbon using 
the standard equations that  describe thermody- 
namic equilibrium in the carbonate system 
(Broecker and Peng, 1982). Precipitation of 
calcium carbonate extracts total carbon and al- 
kalinity from the surface ocean reservoir and 
adds calcium carbonate to a reservoir of 
carbonate sediments on the continents. Sedi- 
mentary carbonates are consumed by carbonate 
weathering at a rate proportional to the masses 
of sedimentary carbonates and to the carbon 
dioxide partial pressure raised to the power of 
0.3 (Walker et al., 1981). Carbonate weathering 
adds carbon and alkalinity to the surface ocean 
reservoir. A constant fraction of the sedimentary 
carbonate is consumed by volcanic and meta- 
morphic processes (metamorphism of platform 
carbonates during orogenies), which add carbon 
dioxide to the atmosphere but are not a source 
of alkalinity. The rate of silicate weathering is 
proportional to land area and the carbon dioxide 
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CARBON EXCHANGE IN THE PROTEROZOIC 
Disso lu t ion  of c a r b o n a t e s  
Oxida t ion  of k e r o g e n  

OCEAN 

Precipitation of car 
and organic carbon MANTLE 

Fig. 6. Carbon exchange in the Proterozoic. The simulation 
balances the rate of release of carbon dioxide from the 
mantle and from sediments by metamorphic decarbonation, 
by dissolution of carbonates, and by oxidation of kerogen, 
against the rate of precipitation in new sediments of 
carbonate minerals and organic carbon. 

partial pressure raised to the power of 0.3. Sili- 
cate weathering contributes alkalinity to the 
surface ocean, but is not a source of total carbon. 

In addition to the volcanic source of carbon 
dioxide that  is proportional to the masses of 
sedimentary carbonate and sedimentary kerogen 
there is a fixed mid-ocean ridge source of mantle 
carbon dioxide, which is held constant at 5 × 1012 
mole/yr,  somewhat larger than the present value 
(Des Marais, 1985). This source adds total carbon 
to the deep ocean reservoir (Fig. 6). This flux 
constitutes a transfer of carbon from the mantle 
to the exogenic system. In the Proterozoic world, 
as simulated here, without plankton to generate 
abundant carbonate sediments on the deep sea 
floor, there is no mechanism for a correspond- 
ingly large flow of carbon from the exogenic 
system back to the mantle. Therefore, in this 
simulation carbon continues to accumulate in 
the reservoir of continental carbonate sediments 
even after the transition from Archean to Pro- 
terozoic conditions is complete. Such a secular 
increase in the mass of the sedimentary 
carbonate reservoir may indeed have occurred 
during the course of Earth history as a result of 
the release of carbon dioxide from the mantle, 
possibly coming to an end just in the last 100 
million years as a result of the origin of 
carbonate-secreting plankton. Alternatively, 
perhaps the simulation should include more 
rapid incorporation of carbon into the sea floor 
by low temperature weathering processes or a 
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smaller flux of carbon out of the mantle in 
mid-ocean ridge hydrothermal systems. 

All of the other parameters and rate coeffi- 
cients in the calculation are adjusted to yield 
concentrations and reservoir amounts that  seem 
to me reasonably close to those of the present 
day, except that  the carbon dioxide pressure in 
the atmosphere is enhanced by a factor of about 
100. Similarly, the parameters and rate coeffi- 
cients that  relate to the Archean world are ad- 
justed to yield what might be reasonable 
Archean values in a steady state that  is achieved 
before land area and therefore biological produc- 
tivity begin to increase. The reservoirs of sedi- 
mentary kerogen and carbonate have very long 
lifetimes and are not brought to steady state in 
the Archean. Instead, they are assumed to be 
negligibly small, under the assumption that  sig- 
nificant biological activity has not been going on 
for long. The carbon isotope record (Schidlow- 
ski, 1988) provides evidence concerning the par- 
titioning of carbon flux between oxidized and 
reduced forms, but not the magnitude of the 
flux or the magnitude of the reduced carbon 
reservoir. 

The Archean world lacks the sink for carbon 
provided by biological precipitation of carbo- 
nates and organic carbon on the continental 
shelves. If the carbon released from the mantle 
at mid-ocean ridge hydrothermal systems is not 
to accumulate without limit in ocean and atmo- 
sphere there must be an alternative sink (Fig. 7). 
I have assumed that  this alternative sink is 
provided by low temperature weathering of the 

CARBON AND ALKALINITY IN THE ARCHEAN 

Sea floor weathering ~ Sea floor weathering 
Hydrothermal 
interactions 

Fig. 7. Carbon and alkalinity in the Archean. On a world 
without continents or abundant life, the simulation balances 
the hydrotherrnal release of carbon against its consumption 
in sea floor weathering reactions and the release of alkalinity 
in sea floor weathering reactions against its consumption in 
hydrothennal interactions. 

sea floor (Staudigel and Hart, 1983), a process 
that  might be responsible for the pervasive 
carbonation of submarine basalts reported to be 
a feature of the Archean (Roberts, 1987). I have 
arbitrarily assumed that  this sea floor weather- 
ing process removes carbon from the deep sea 
reservoir at a rate proportional to the total 
dissolved carbon concentration in the deep oc- 
ean. The proportionality constant I have taken 
to be in turn proportional to the hydrogen ion 
concentration in deep sea water. The picture I 
have of the weathering process is that  hydrogen 
ions in sea water attack sea floor basalt, releas- 
ing calcium ions which then react with dissolved 
carbon in the sea water to precipitate calcium 
carbonate minerals within the sea floor. 

The alkalinity budget of the ocean similarly 
requires reanalysis for the Archean world since 
the continental source of cations is absent as is 
the biological sink. I assume that  the same low 
temperature sea floor weathering process that  
consumes carbon releases cations to the deep 
ocean reservoir at a rate proportional to the 
hydrogen ion concentration in sea water. The 
process I imagine is the conversion of feldspars 
to clay minerals. The sink for positive charge is 
assumed to be hydrothermal interaction with 
the sea floor at high temperatures, mainly the 
depletion of dissolved magnesium in hydrother- 
real waters. I assume that  the rate of removal of 
alkalinity from the deep sea reservoir is propor- 
tional to the alkalinity. This treatment of the 
alkalinity budget of the Archean ocean is wildly 
speculative. At this stage I hope mainly to call 
attention to the fact that  the alkalinity budget 
would be very different on a world without 
continents and without much biological activity 
and to endorse the ideas of Veizer et al. (1982, 
1989a, b) and others that  sea water composition 
was controlled mainly by interactions with the 
sea floor. 

While the carbon cycle in this hypothetical 
Archean world is speculative but simple, the 
oxidation-reduction cycle is speculative and 
complex (Fig. 8). The system describes the first 
order reactions between oxygen and oxidized 
iron on the one hand and organic carbon, re- 
duced iron, and reduced gases like hydrogen and 
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Fig. 8. Oxidation-reduction reactions in the simulated 
Archean biosphere. 

methane on the other hand. Reduced dissolved 
iron is supplied to the deep ocean reservoir by 
sea floor hydrothermal interactions at a con- 
stant rate of 1013 mole/yr,  somewhat higher 
than estimates of the combined iron and 
manganese flux at present (Edmond et al., 
1979a,b). This iron is removed from the ocean 
either by first order precipitation in silicate and 
carbonate minerals containing reduced iron or as 
oxidized iron. Oxidized iron is produced by reac- 
tion with dissolved oxygen in both the surface 
and deep ocean reservoirs at rates proportional 
to the products of the concentrations of dis- 
solved oxygen and dissolved reduced iron. The 
oxidized iron is presumed to be in particulate 
form and to settle to the bottom of the ocean. 
Particulate oxidized iron is also produced by 
photostimulated oxidation in the shallow ocean 
at a rate proportional to the concentration of 
dissolved ferrous iron and inversely proportional 
to the concentration of dissolved reduced gases 
(Cairns-Smith, 1978; Braterman et al., 1983). 
The photostimulated oxidation of iron produces 
hydrogen as fast as it produces oxidized iron so 
the process is to some extent self-regulating 
(Francois, 1986). The hydrogen reacts with 
oxygen in the atmosphere and in both oceanic 
reservoirs. I t  also escapes to space. The reaction 
rates are first order in reactant concentrations 
and the escape rate is first order in hydrogen 
concentration (Hunten, 1973; Walker, 1977; 
Hunten et al., 1989). Escape to space of hydro- 
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gen produced by photolysis of atmospheric water 
vapor is also included. It  constitutes the only 
source of free oxygen before the origin of photo- 
synthesis. There is a constant source of volcanic 
hydrogen with a flux of 2 × 1011 mole/yr  into 
the atmosphere. Reduced gases are generated by 
biological fermentation reactions at a rate pro- 
portional to the mass of reactive organic carbon. 
Reactive organic carbon is destroyed by di- 
agenetic reactions with particulate iron as well 
as fermentation. The reaction restores dissolved 
carbon to the surface ocean reservoir and con- 
verts particulate iron back into dissolved re- 
duced iron in the surface ocean reservoir. Par- 
ticulate iron is consumed also in presumably 
abiological reactions with dissolved reduced 
gases (McKnight et al., 1988) and it undergoes 
incorporation into long-lived sedimentary rocks 
at a rate proportional to the mass of particulate 
iron. 

The oxidation-reduction properties of the 
Archean world are dominated by the flux of 
reduced iron (and manganese) from the sea floor, 
which embraces any flux of dissolved oxygen 
into the sea floor. Release of dissolved ferrous 
iron by continental weathering is proportional 
to continental area and is initially negligibly 
small. Most of this mantle flux of iron is re- 
turned to the sea floor as iron silicate and 
carbonate minerals (Fig. 9). A small fraction is 
oxidized by the oxygen generated from photoly- 

escape 

REDUCED OXIDIZED 

anic carbon 

Fig. 9. The overall oxidation-reduction balance of the ex- 
ogenic system depends on exchange with the mantle and the 
escape of hydrogen to space. 
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Fig. 10. Calculated response of the reservoirs of sedimentary 
carbonate, sedimentary kerogen, reactive oxidized iron, and 
reactive organic carbon to an assumed linear increase in land 
area and in biological productivity. Land area and produc- 
tivity increase at a constant rate for 500 million years, 
beginning at 100 million years on this scale. The time scale is 
logarithmic. 

sis of atmospheric water vapor or as a result of 
photostimulated oxidation in the surface layer 
of the ocean. This particulate iron carries oxygen 
out of the exogenic system back to the sea floor. 
The oxidation budget of the exogenic system 
balances the escape of hydrogen to space against 
this export of oxygen in the form of oxidized 
iron on the sea floor. 

After the transition to the Proterozoic world, 
essentially all of the mantle flux of dissolved 
iron is promptly oxidized by dissolved oxygen 
and incorporated as oxidized iron into the sea 
floor. This much larger export of oxygen from 
the exogenic system must be balanced by a larger 
flux of hydrogen escaping to space because this 
system lacks plankton and the deep sea precipi- 
tation of organic carbon which might otherwise 
export reductant to the mantle to balance the 
export of oxygen. The accumulation of new sedi- 
mentary kerogen is balanced, after a short period 
of adjustment, by the oxidation of old sedimen- 
tary kerogen (Fig. 10). The Proterozoic world 
therefore exhibits higher atmospheric concentra- 
tions of reduced gases than the Archean world. 
These reduced gases are generated by fermenta- 
tion of organic matter (Fig. 8), a source that  
increases markedly as productivity increases and 
the global store of reactive organic carbon in- 
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creases (Fig. 10). The increased rate of produc- 
tion of reduced gases predominates over their 
increased rate of destruction in photochemical 
reactions with atmospheric oxidants. Fermenta- 
tion and suboxic diagenetic reactions between 
oxidized iron and organic carbon must be in- 
cluded in the Archean simulation to recycle 
organic matter. In the Proterozoic world their 
recycling roles are minor compared with aerobic 
respiration. 

Results  of the calculation 

The calculation is begun at an arbitrary time 
of 90 × 106 yr and run for 10 x 106 yr without 
change in parameters just to establish that  a 
steady state Archean world has been created. 
Land area and productivity, which is propor- 
tional to land area, increase linearly by a factor 
of 104 between 100 x 106 yr and 600 x 106 yr 
and remain constant thereafter. Figure 10 shows 
land area and productivity, the sedimentary re- 
servoirs of kerogen and carbonate, and the shelf 
reservoir of reactive organic carbon. The reac- 
tive organic carbon reservoir increases more or 
less proportionally to productivity: The sedi- 
mentary kerogen reservoir comes to a steady 
state, a balance between oxidation of old kero- 
gen and incorporation of new kerogen into the 
sedimentary reservoir. As already noted the re- 
servoir of sedimentary carbonates continues to 
increase as a result of addition of mantle carbon 
to the exogenic system. 

Figure 11 shows the transitions in the oxida- 
tion-reduction system. A logarithmic time scale 
is used to show the rapid initial response. Bio- 
logically produced oxygen overwhelms dissolved 
iron in the surface ocean very early in the course 
of the transition. Particulate iron (Fig. 10) rises 
to a nearly constant value as quickly as dis- 
solved iron in the surface ocean reservoir falls. 
Very early in the transition there is a small 
maximum in the concentrations of dissolved re- 
duced gases in both reservoirs caused by fermen- 
tation before oxygen concentrations build up 
enough to make respiration the major sink for 
reactive organic carbon. There follows a period 
of 200 million years or so during which produc- 
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t iv i ty  increases s teadi ly and the  concentrat ions 
of react ive organic carbon and dissolved oxygen 
in bo th  surface and deep reservoirs increase 
gradually.  T h e  concentrat ion of dissolved re- 
duced iron in the  surface ocean reservoir also 
increases during this t ime as a result  of the  
reaction between par t icula te  oxidized iron and 
reactive organic carbon. During this t ime the  
deep sea remains  anoxic, wi th  a concentrat ion of 
dissolved reduced iron well in excess of the con- 
centra t ion of dissolved oxygen. This  condition 
reflects the  sea floor hydro the rmal  source of 
reduced iron, which exceeds the  ra te  of supply  of 
dissolved oxygen by  mixing downwards  f rom the 
surface ocean. After  abou t  300 million years, 
however, the  surface oxygen source overwhelms 
the  deep sea iron source and a rapid t ransi t ion 
occurs; the  deep sea becomes aerobic. This  t ime 
corresponds loosely to the  end of deposit ion of 
banded iron-formations,  approx imate ly  1.7 × 10 ° 
y r  ago (Gole and  Klein, 1981; Walker  et  al., 
1983). Corresponding to  the  sudden increase in 
dissolved oxygen in the  deep sea is a sudden 
decrease in dissolved reduced gases. The  reduced 
gas concentrat ion in surface ocean and a tmo-  
sphere is increasing th roughou t  this t ime period, 
as a l ready noted, so t h a t  escape of hydrogen to 
space can carry  away  the  reducing power added 
to the  exogenic sys tem by  the  flux of iron and 
reduced gas f rom the mantle .  

At  the beginning of the  calculation the  con- 
centra t ion of oxygen in surface ocean and a tmo-  
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Fig. 11. Calculated response of oxygen, dissolved iron, and 
reduced gases in the shallow and deep ocean reservoirs. 
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(units relative to present level, PAL) and total dissolved 
carbon and alkalinity in the deep sea. Also shown is the 
carbonate concentration in shallow sea water, which is pro- 
portional to the saturation state with respect to calcium 
carbonate, and the hydrogen ion concentration in the deep 
sea. 

sphere  is less t han  the  concentra t ion of reduced 
gas. This  is the  anaerobic world in which life 
m a y  have  originated and undergone its early 
evolution. This  is a world in which detr i ta l  
uranini te  would be preserved and redbeds would 
not  form. I t  comes to an end very soon af ter  
product iv i ty  begins to increase, when the  oxygen 
concentra t ion rises above the  reduced gas con- 
centrat ion.  Very roughly,  this  t ime migh t  corre- 
spond to the  t ime, abou t  2.3 x 109 yr  ago, when 
redbeds first  began to form (Walker  et  al., 1983). 
The  value of the  calculat ion is in its demonst ra-  
t ion t h a t  these i m p o r t a n t  t ransi t ions can be 
separa ted  widely in t ime  s imply as a conse- 
quence of a gradual  increase in biological pro- 
ductivity.  

The  response of the  carbon sys tem is shown 
in Fig. 12. T h e  sys t em has  been tuned to yield a 
s ta r t ing  value of carbon dioxide par t ia l  pressure 
of a few thousand  t imes  the  present  level and an 
ending value of a hundred  or so t imes the  pre- 
sent  level. This  calculat ion establishes the  possi- 
bil i ty of such pressures bu t  it  does not  establish 
their  necessity or real i ty.  Similarly,  the calcula- 
t ion has  been tuned  to yield the  more  or less 
reasonable values of ca rbona te  ion concentrat ion 
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in the surface ocean and hydrogen ion con- 
centration in the deep ocean that  are shown in 
Fig. 12. The value of the calculation lies in 
indicating what kinds of conditions must be 
satisfied to yield such large carbon dioxide pres- 
sures. Clearly a relatively acidic ocean is more or 
less unavoidable, even with alkalinity and total 
dissolved carbon concentrations very much 
larger than those of the present day. Moreover, 
to sustain such a large concentration of hydro- 
gen ions there must be a very significant dif- 
ference between total dissolved carbon con- 
centration and alkalinity, a difference that  is 
quite small in the present ocean. The carbon 
dioxide partial pressure in the Archean world is 
determined by the requirement that  sea floor 
weathering consume carbon dioxide as fast as 
the mantle is releasing it. The weathering rate, 
in this simulation, depends on the hydrogen ion 
concentration and the total dissolved carbon 
concentration. The overall decrease in carbon 
dioxide during the course of the transition re- 
flects the transfer of control to the continental 
weathering system. Continental weathering 
makes negligible contribution to the Archean 
simulation and sea floor weathering makes a 
negligible contribution to the Proterozoic simu- 
lation. Right near the end of the simulation 
(after 6 × 10 s yr in Fig. 12) we see carbon di- 
oxide partial pressure and total dissolved carbon 
and alkalinity increasing again. This increase 
reflects the steadily growing reservoir of sedi- 
mentary carbonate rocks and the increased 
source of carbon dioxide provided by metamor- 
phic decarbonation of these rocks. As already 
noted, the sedimentary carbonate reservoir is 
growing in this simulation as a result of the 
transfer of carbon out of the mantle. 

The influence of the oxidation-reduction sys- 
tem on the carbon system appears as an initially 
rapid decrease in the parameters plotted in Fig. 
12 in the first 50 x 106 yr or so of the transition, 
which begins at a time of 100 x 106 yr. This 
drawdown of carbon in atmosphere and ocean is 
caused by the rapid growth of the sedimentary 
kerogen reservoir during this period of time. It is 
possible that  Precambrian climate may have 
been affected by two separate episodes of carbon 

dioxide decline, one caused by the accumulation 
of sedimentary kerogen and the other caused by 
the growth of land area, the increase in ter- 
restrial weathering, and the accumulation of the 
sedimentary carbonate reservoir. 

D iscu ss io n  

The value of the simulation presented here 
lies not so much in the numbers calculated for 
carbon dioxide and the other environmental 
parameters as the questions arising out of this 
computational exercise. If we are to understand 
the carbon cycle on an Archean Earth with little 
life or land area we need more knowledge about 
weathering reactions on the sea floor. The simu- 
lation confirms that  carbon dioxide partial pres- 
sures large enough to solve the problem of the 
faint young sun can be achieved in a geochem- 
ical system that  is at  least plausible, but it 
shows once again that  large carbon dioxide pres- 
sures imply large total dissolved carbon, alkalin- 
ity, and hydrogen ion concentrations in sea 
water. The implications of such large concentra- 
tions for the composition and mineralogy of 
sedimentary rocks need to be considered. 

The simulation confirms what has been sus- 
pected for some time, that  the growth of biologi- 
cal productivity could cause a marked decrease 
in atmospheric carbon dioxide and so also in 
global average temperature. This decrease might 
have played a role in the Huronian episode of 
wide-spread continental glaciation early in the 
Proterozoic. It would be worthwhile to extend 
the simulation to calculate the composition of 
carbon isotopes for comparison with observa- 
tions of heavy carbon in this time period. The 
simulation also would benefit from incorpora- 
tion of a sulfur cycle (Walker and Brimble- 
combe, 1985; Lowe and Byerly, 1986; Ohmoto 
and Felder, 1987, Kasting et al., 1989). A sulfur 
cycle could clearly influence the oxidation-re- 
duction transition. I t  is not clear whether it 
would directly influence the carbon dioxide cycle 
and the climate. 

While carbon dioxide still looks to me like the 
most important parameter in addition to re- 
duced solar luminosity that  would have affected 
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the climates of the Precambrian Ear th  there are 
significant questions tha t  should be susceptible 

to s tudy with a global circulation model con- 
cerning the impact  on the circulation of a shorter  
day and little or no land. Uncertainties concern- 
ing cloud cover continue to be a maj or source of 
concern, but  it is not  clear how to reduce them. 
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A p p e n d i x  1 - -  The  n u m e r i c a l  s i m u l a t i o n  

In this appendix I document  the expressions 
used in the numerical simulation described 
above. I am presenting excerpts of the computer  
code, written in BASIC because I believe tha t  
such a method of presentation provides the most  
accurate record of the expressions tha t  were 
actually used. 

The dependent variables are: 
y(1) = d o x y s  = oxygen dissolved in shallow 

ocean (mole /m 3) 
y(2) = doxyd = oxygen dissolved in deep oc- 

ean (mo le /m z) 

y(3) = corg = global reservoir of reactive 
organic carbon (10 is moles) 

y(4) = p f e  = reac t ive  oxidized iron (1018 

moles) 
y(5) = dfes = dissolved reduced iron in shal- 

low ocean (mo le /m 3) 
y(6) = dfed = dissolved reduced iron in deep 

ocean (mole /m 3) 
y(7) = dh2s = dissolved reduced gas in shal- 

low ocean (mo le /m 3) 
y(8) = dh2d = dissolved reduced gas in deep 

ocean (mo le /m a) 
y(9) = sedker = global reservoir of sedimen- 

tary  kerogen (10 is moles) 

y(10) = csurf = total dissolved carbon in shal- 
low ocean (mo le /m 3) 

y ( l l )  = cdeep = total  dissolved carbon in deep 
ocean (mo le /m  3) 

y ( 1 2 ) = a s u r f  =a lka l in i ty  in shallow ocean 
( m o l e / m  3) 

y ( 1 3 ) = a d e e p  =a lka l in i ty  in deep ocean 
( m o l e / m  3) 

y ( 1 4 ) = p c o 2  = carbon dioxide partial pres- 
sure (PAL, relative to present 
level) 

y(15) = sedcarb = global reservoir of sedimen- 
t a ry  carbonate (10 is moles) 

The  rates of change of these variables are given 
by the expressions for yp (i): 
' P rogram ORIGN07.BAS. 24 July  1989 

yp(1) = p r o d - k f e  * dfes *doxys * v o l s -  
wflux * (doxys - doxyd) + escbg 

yp(1) = ( y p ( 1 ) -  koh * doxys * dh2s * v o l s -  
skox * doxys * sedker) 

yp(1) = ( y p ( 1 ) - k o c  * corg * doxys ) / (vo l s+  
vola) 

yp(2) = wflux * (doxys - doxyd) 

yp(2) = ( y p ( 2 ) -  kfe * dfed * doxyd * v o l d -  
koh * doxyd * dh2d * vold) /vold  

yp(3) = p r o d -  koc * corg * d o x y s -  kcpfe * 
pfe * corg 

yp(3) = yp(3) - co rg /b t ime  - ferm * corg 
yp(4) = kfe * dfed * doxyd * vold + kfe * dfes 

• doxys * vols + phox * dfes 

yp(4) = y p ( 4 ) -  kcpfe * pfe * c o r g -  p fe /b t ime  
- k f h  * pfe * dh2d 

yp(5) = (wflux * ( d f e d -  d f e s ) -  kfe * dfes * 
doxys * v o l s -  phox * dfes) 

yp(5) = (yp(5)+  kcpfe * pfe * corg) /vols  
yp(6) = - w f l u x  * ( d f e d -  d f e s ) -  kfe * dfed * 

doxyd * vold 
yp(6) = (yp(6) - dfed * vold /prec ip  + feflux + 

kfh * pfe * dh2d) /vo ld  
yp(7) = phox * dfes - wflux * (dh2s - dh2d) + 

v o l c h -  esc * dh2s * volah 

yp(7) = (yp(7) + ferm * corg - koh * doxys * 
dh2s • vols)/(vols + volah) 

yp(8) = wflux * ( d h 2 s -  d h 2 d ) -  koh * doxyd 
• dh2d * vold 

yp(8) = ( y p ( 8 ) -  kfh • pfe * dh2d) /vo ld  
yp(9) = cfrac * c o r g / b t i m e -  skox * doxys * 

s e d k e r -  volcz * sedker 
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yp(10) = (cdeep - csurf) * wflux + carbw - prod 

• (1 + c o r a t ) +  skox * doxys * sedker  

yp(10) = yp(10) + koc * corg * doxys + kcpfe * 

pfe * corg + fe rm * corg 

yp(10) = (yp(10) + (pco2 - p c o 2 s ) / d i s t i m e  * 

m a t m c o 2 ) / v o l s  

y p ( l l )  = ((csurf - cdeep) * wflux + morc  - sfw * 

c d e e p ) / v o l d  

yp(12) = ( -  (asurf  - adeep)  * wflux + 2 * 

(carbw + s i l w ) -  prod * 2 * c o r a t ) / v o l s  

yp(13) = ((asurf  - adeep)  * wflux + sfw - h y d r o  

• a d e e p ) / v o l d  

y p ( 1 4 ) =  (pco2s - p c o 2 ) / d i s t i m e  + volcz * 

(sedcarb + s e d k e r ) / m a t m c o 2  

y p ( 1 5 ) =  cfrac * prod  * c o r a t -  c a r b w -  volcz * 

sedcarb 

W h e r e  the  p a r a m e t e r s  have  the  va lues  l is ted 

here:  

feflux = 1E - 5 

phoxz = 5E - 10 

prodz = 0.001 

wflux = 0.001 

vold = 1.23 

vols = 0.12 

vola  = 112 

v o l a h = 2  * vola  

koc = 0.1 

kfe - 300 

kcpfe = 0 . 4 / v o l d  

koh  = 100 

kfh  = 0.3 

skox = 0.000015 

b t i m e  = 1000 

cfrac = 1 

fe rm = 3 / b t i m e  

precip  = 1000 

volch = 0.0000002 

escbg = 1E - 08 

'Disso lved  i ron flux f rom 

the  m a n t l e  in 1018 m o l e /  

y r  

' C o n s t a n t  for p h o t o s t i m u -  

la ted  ox ida t ion  of i ron  

' P r o d u c t i v i t y  in  10 is 

m o l e / y r  for l and  = 1 
'10 is m 3 / y r  

'10 is m 3 Volume  of deep 

ocean 

' V o l u m e  of shal low ocean 

' e q u i v a l e n t  vo lume  of at-  

mosphere  for oxygen 

' e q u i v a l e n t  vo lume  of 

a t m o s p h e r e  for hyd rogen  
' m3mole -1 y r  -1 

' K e r o g e n  wea the r ing  con- 

s t a n t  

' y r  

' f r ac t i on  of corg a n d  

sedcarb  preserved on cont i -  

n e n t s  

' y r  

esc = 0.000039 

' T h e  ca rbon  sys t em 

coratz  = 1 

ma t mc o2  = 0.0495 

d i s t ime  = 8.64 

sfwcon = 0.1 

t b a r t  = 288 

t dw  = 275 

Biological  ra t io  of carbon-  

a te  to organic  ca rbon  
'1018 mole. 280 p p m =  1 

P A L  

' years  

' Sea  floor wea the r ing  

'Sha l low wa te r  t e m p e r a -  

t u r e  

' D e e p  wa te r  t e m p e r a t u r e  

' C o n s t a n t s  re la ted  to  

volcz = 5 E - 10 

morc  = 0.000005 

carbwz = 0.0000003 

silwz = 0.000002 

h y d r o = l E - 8  

the  rock cycle 
' F luxes  in  10 is m o l e / y r  

' M O R  ca rbon  flux 

' H i g h  t e m p e r a t u r e  s ink  for 

a lka l in i ty ,  e q / y r  

T h e  der ived  q u a n t i t i e s  are given by  the  follow- 

ing  expressions:  

phox = p h o x z / d h 2 s  
^ 

pco2s = kco2 * hco3s 2 / c o 3 s  

prod  = prodz  * l a n d  * pco2s / (1  + pco2s) 

cora t  = cora tz  * co3s 

hp lusd  = h c o 3 d / c o 3 d  * 7.94E - 10 

sfw = sfwcon * hp lusd  

silw = silwz * pco2^.3 * l a n d  

ca rbw = carbwz * pco2^.3 * s e d c a r b / 5 0 0 0  

T h e  fol lowing s u b r o u t i n e  ca lcula tes  e qu i l i b r i um 

c o n c e n t r a t i o n s  of d issolved ca rbon  species in  

t e r ms  of a l k a l i n i t y  (alk), t o t a l  dissolved ca rbon  

(sigc), a n d  w a t e r  t e m p e r a t u r e  (watemp) :  

C A R B O N A T E :  ' S u b r o u t i n e  solves 

the  c a r b o n a t e  equ i l ib r i a  

kca rb  = .000575 + .000006 * ( w a t e m p  - 278) 

kco2 = .035 + .0019 • ( w a t e m p  - 278) 
^ 

hco3 = s i g c -  SQR(sigc  2 -  a lk  * (2 * s i g c -  

alk) • ( 1 -  4 * kcarb))  

hco3 = h c o 3 / ( 1  - 4 * kcarb)  

' c o n t i n u a t i o n  

co3 = (alk - h c o 3 ) / 2  

R E T U R N  

T h e  ca lcu la t ion  s teps  forward  in  t ime  f rom pre- 

scr ibed in i t i a l  c o n d i t i o n s  us ing  the  comple te ly  

impl ic i t  reverse  E u l e r  m e t h o d  of so lu t ion .  
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